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ABSTRACT
Aims. The secondary atmospheres of terrestrial planets form and evolve as a consequence of interaction with the interior
over geological time. We aim to quantify the influence of planetary bulk composition on interior–atmosphere evolution
to aid the interpretation of future observations of terrestrial exoplanet atmospheres.
Methods. We use a geochemical model to determine the major-element composition of planetary interiors (MgO, FeO,
and SiO2) following the crystallization of a magma ocean after planet formation, predicting a compositional profile of
the interior as an initial condition for our long-term thermal evolution model. Our 1D evolution model predicts the
pressure-temperature structure of the interior which we use to evaluate near-surface melt production and subsequent
volatile outgassing. Volatiles are exchanged between the interior and atmosphere according to mass conservation.
Results. Based on stellar compositions reported in the Hypatia catalog, we predict that about half of rocky exoplanets
have a mantle that convects as a single layer (whole-mantle convection), and the other half exhibit double-layered
convection due to the presence of a mid-mantle compositional boundary. Double-layered convection is more likely for
planets with high bulk planetary Fe-content and low Mg/Si-ratio. We find that planets with low Mg/Si-ratio tend
to cool slowly because their mantle viscosity is high. Accordingly, low-Mg/Si planets also tend to lose volatiles swiftly
through extensive melting. Moreover, the dynamic regime of the lithosphere (plate tectonics vs. stagnant lid) has a first-
order influence on the thermal evolution and volatile cycling. These results suggest that the composition of terrestrial
exoplanetary atmospheres can inform about the dynamic regime of the lithosphere, and the thermo-chemical evolution
of the interior.
Key words. Planets and satellites: terrestrial planets - Planets and satellites: atmospheres - Planets and satellites:
composition - Planets and satellites: interiors
1. Introduction
A major goal of exoplanetary science is to comprehend the
formation and evolution of terrestrial planets. Such an effort
demands an understanding of their interior dynamics. Our
knowledge of planetary evolution is to a large extent based
on Solar System objects, since detailed observational data
of exoplanets remains limited. Constraints on the interior
properties of terrestrial exoplanets are mostly derived from
mass-radius observations (e.g., Seager et al. 2007; Weiss &
Marcy 2014; Dorn et al. 2015; Unterborn et al. 2016; Un-
terborn & Panero 2019). The data derived from these ob-
servations do not follow a single trend in mass–radius space
(Rogers & Seager 2010; Dorn et al. 2015, 2018b), indicating
a large diversity of interior compositions and structure. The
observed bulk density variations can be explained by diver-
sity in volatile budget, mantle composition, interior struc-
ture, or melt fraction (Valencia et al. 2006; Seager et al.
2007; Wagner et al. 2011; Dorn et al. 2015, 2018a; Bower
et al. 2019). Thus, large ambiguity remains in terms of
determining interior properties based on mass-radius mea-
surements alone. Host star composition can be used to re-
duce this ambiguity (e.g. Rogers & Seager 2010; Dorn et al.
2015; Brugger et al. 2017; Santos et al. 2017; Hinkel & Un-
terborn 2018), as it constrains interior structure and mantle
composition. However, a fundamental ambiguity remains,
and detailed future studies are needed.
Complementary constraints on interior properties might
be provided by the atmospheres of terrestrial exoplanets,
since these form and evolve as a consequence of interaction
with the interior (e.g., Foley & Driscoll 2016). Future de-
velopments in astronomical instrumentation will allow us
to place some constraints on the chemistry of the upper
atmosphere for some terrestrial exoplanets (e.g., JWST,
ARIEL, E-ELT). Such atmospheric characterization may
provide an opportunity to disentangle the observed mass–
radius trends of terrestrial exoplanets. Invariably, this re-
quires an improved understanding of the coupling between
the atmosphere and interior.
Comprehending atmosphere-interior coupling requires
insight in the effects of bulk planet composition (Unter-
born et al. 2017; Dorn et al. 2018b), which can vary greatly
between systems. Variations in the interior composition can
stem from differences in the formation environment of plan-
etary systems. Composition of accreted material depends
on the local temperature, as well as the bulk composition,
of the protoplanetary disk. The bulk composition of the
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disk varies between exoplanetary systems, as reflected by
the variation in host stellar compositions (Bond et al. 2010;
Carter-Bond et al. 2012; Moriarty et al. 2014; Thiabaud
et al. 2015; Unterborn & Panero 2017). Stellar compositions
are a good indicator for planetary compositions, since the
planet, disk, and star form from the same cloud of gas and
dust. Stellar chemical abundances vary widely across the
Solar neighborhood (Bensby et al. 2005; Valenti & Fischer
2005; Asplund et al. 2009; Lodders et al. 2009; Hinkel et al.
2014), indicating a large variety in exoplanetary budgets of
rock-forming elements, which are the main constituents of
terrestrial planets. While the exact extent of stellar chem-
ical variability in the Solar neighborhood remains debated
(Brewer & Fischer 2016; Bedell et al. 2018), we can appeal
to current estimates in the literature (Hinkel & Unterborn
2018), acknowledging that they will continue to be refined
with new observations.
The evolution of planetary atmospheres and interiors
following planet formation and core-mantle differentiation
is characterized by two main phases. The first phase consists
of the crystallization of a magma ocean and the formation of
a primary atmosphere, consisting of gases escaping the crys-
tallizing magma ocean. The primary atmosphere replaces a
primordial H/He-atmosphere that may have been captured
from the protoplanetary disk (Hayashi et al. 1979). The
primordial atmosphere escapes almost entirely for planets
up to Super-Earth size (Owen & Wu 2013; Fulton et al.
2017). During this phase, the central iron core forms in a
magma ocean, where metallic iron accumulates at the cen-
ter of the planet. Metallic iron and silicates are immiscible
at these extreme conditions, which causes the dense metal-
lic phase to differentiate from the silicate phase and sink to
the planetary core. Elements preferentially partition into
the metallic phase (siderophile elements, e.g. Fe, Ni, Au,
Mn, and Pt), or the silicate phase (lithophile elements, e.g.
Si, Mg, Na, Ca, Al, and U). The core size is determined by
the abundances of iron and siderophile elements relative to
lithophile elements, as well as the oxygen fugacity (Corgne
et al. 2008; Rubie et al. 2015).
The magma ocean phase also determines the mineral-
ogy and compositional structure of the silicate mantle that
resides above the core. Compositional variations between
different mantle layers may resist homogenization by con-
vection, as long as a compositional density contrast occurs
between the layers that exceeds thermal buoyancy (Kellogg
et al. 1999; Elkins-Tanton 2008; Tosi et al. 2013; Li et al.
2014; Plesa et al. 2014). For a density contrast of more than
200 kg/m3, stable stratification may persist for most of the
planet’s lifetime. Such stratification may promote double-
layered convection, with negligible mass transfer between
layers, as opposed to the single-layer (whole-mantle) con-
vection that occurs through most of Earth’s history to the
present day.
The second phase consists of the long-term evolution
of both the atmosphere (now called the secondary atmo-
sphere) and interior, after the interior has mostly solidified.
Estimates for the timescale for magma-ocean crystallization
on Earth range from thousands (Solomatov 2000) to mil-
lions (Lebrun et al. 2013) of years; so, a rocky planet spends
most of its life in the second phase, unless it is extremely
close to its host star (see e.g. Léger et al. 2011). Thermal
evolution of planets with solid interiors is dictated by the
viscous creep of solid materials, which manifests as man-
tle convection. Bulk composition and mantle mineralogy
affect the transport and material properties of the man-
tle, such as density and viscosity (Takeda 1998; Yamazaki
& Karato 2001), and melting behavior (Hirschmann 2000;
Kiefer et al. 2015). Additionally, the budget of radiogenic
elements varies among stars (Frank et al. 2014; Unterborn
et al. 2015; Botelho et al. 2019) and determines the heat
production in planetary mantles, which also moderates the
style of interior convection.
During the second phase, the secondary atmosphere
evolves through interaction with the now solid interior
(Sleep & Zahnle 2001; Franck et al. 2002; Gaillard & Scail-
let 2014; Foley & Smye 2018; Laneuville et al. 2018), and by
loss to space (Zahnle & Catling 2017). This interaction in-
volves mantle outgassing (transfer of volatiles, such as H2O
and CO2, from rocky interior to atmosphere) and ingassing
(transfer of volatiles from atmosphere to rocky interior).
The dominant styles of outgassing and ingassing depend on
the dynamic regime of the near-surface (i.e., plate tecton-
ics or stagnant lid; see Figs. 10 and 11 in Foley & Driscoll
(2016)). Ingassing likely occurs at a higher rate for plan-
ets in the plate tectonics regime (Tosi et al. 2017), where
ingassing occurs by transport of crustal material into the
mantle by subduction (Rüpke et al. 2004). Outgassing oc-
curs by melt production in the interior and the escape of
volatiles by volcanism (Dixon & Stolper 1995; Fuentes et al.
2019). The chemistry of outgassed volatiles depends on the
interior state, mainly the oxygen fugacity (e.g., Holloway
& Blank 1994), the planetary volatile budget, and atmo-
spheric conditions (Gaillard & Scaillet 2014). These con-
nections between the atmosphere and interior lend support
to the idea of obtaining an improved understanding of the
interior through observations of planetary atmospheres.
Future observations of terrestrial exoplanet upper at-
mospheres may give us an unprecedented opportunity to
place constraints on the interior composition and dynamics
of rocky exoplanets. In order to exploit this opportunity,
however, we must continue to advance our comprehension
of the interplay between the atmospheric and interior evo-
lution of terrestrial planets. The current generation of cou-
pled atmosphere–interior models have expanded our knowl-
edge of several aspects of atmosphere-interior interaction,
such as outgassing from a magma ocean (e.g. Elkins-Tanton
2008), volcanic outgassing chemistry (e.g. Gaillard & Scail-
let 2014) and the differences between dynamic regimes (e.g.
Tosi et al. 2017). However, these models do not account for
the variable bulk composition of terrestrial exoplanets, and
have thus not assessed the influence of bulk planet compo-
sition on atmosphere-interior interaction.
2. Methodology
We have created a multi-component model that captures
the primary aspects of atmosphere–interior coupling for ter-
restrial planets for a variety of bulk compositions, based on
stellar composition data (Sect. 2.1). Our model includes
a 1D geochemical model simulating magma ocean crystal-
lization, which determines the initial compositional pro-
file of the interior for each considered bulk composition
(Sect. 2.2). On the basis of this initial condition, we sim-
ulate the long-term thermal evolution of the planet using
a 1D parametrized convection model (Sect. 2.3). In the fi-
nal model component, the efficiency of melt production as
a function of thermal evolution is calculated, which is con-
sidered as a proxy for outgassing. This model component is
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Fig. 1. Compositional diversity of stars in the Solar neighbor-
hood in the molar Mg-Fe-Si system, as recorded in the Hypatia
Catalog (Hinkel et al. 2014). Each red dot represents a star,
while the yellow triangle represents the Solar composition from
Asplund et al. (2005). The yellow dot shows Earth’s composition
(McDonough 2003).
a box model that tracks the exchange of volatiles between
the interior and atmosphere (Sect. 2.4). We consider wa-
ter as the representative volatile, and limit consideration to
planets with the same mass, radius, and core size as Earth.
2.1. Bulk composition
We define bulk composition in terms of the major rock-
forming compounds: FeO, MgO, and SiO2. These are the
most abundant compounds in the silicate Earth (Javoy
et al. 2010), and are the most abundant refractory elements
in most stars in the Solar neighborhood (Hinkel et al. 2014).
Here, we assume that molar ratios of Mg/Si and Fe/Mg
are comparable to the host star, in accordance with plane-
tary formation models (e.g., Bond et al. 2010; Carter-Bond
et al. 2012; Thiabaud et al. 2015). We consider only Mg, Fe,
and Si, since their condensation temperatures and fraction-
ation behavior between the protoplanetary disk and planets
are comparable, and the corresponding mineral compounds
(MgO, FeO, SiO2) have the most significant compositional
effect on mantle rheological properties (e.g., Yamazaki &
Karato 2001). Moreover, the abundances and properties of
mineral phases that are stabilized by other, less abundant
compounds are not well constrained at lower mantle pres-
sures.
We use a catalog of stellar compositions in the Solar
neighborhood, the Hypatia catalog (Hinkel et al. 2014), as
a proxy for terrestrial exoplanet composition in terms of the
molar ratios Mg/Si and Fe/Mg. This catalog maps out com-
positions of FGK-type stars within 150 pc of the Sun. The
majority of stellar compositions display molar Mg/Si-ratios
between 0.7 and 1.5, and molar Fe/Mg-ratios between 0.5
and 1.0 (Fig. 1). Within this range, the Solar composition is
average in terms of Mg/Si, but near the high end of Fe/Mg
(Asplund et al. 2005).
Stellar abundance data can be used as a proxy for bulk
planet composition. Terrestrial planets are separated into
two major interior reservoirs with distinct compositions: a
silicate mantle and an iron core. Most Si and Mg is present
in the mantle, while Fe is partitioned between the man-
tle and core: hence stellar Fe/Mg cannot be used directly
as a proxy for the bulk mantle Fe/Mg. We choose man-
tle iron contents based on planet formation models for the
Solar nebula, which finds mantle iron contents between 6
and 20 wt%, depending on oxygen fugacity (Rubie et al.
2015; Fischer et al. 2017). However, the Sun has a rela-
tively high abundance of iron (Fig. 1), so we also consider
cases with less iron in the mantle, similar to other stud-
ies of terrestrial exoplanet interiors (e.g. Wordsworth et al.
2018). We consider iron contents ranging from 1 wt% man-
tle FeO (i.e., low mantle oxygen fugacity with most of the
iron in the core), to 20 wt% mantle FeO in the mantle (i.e.,
high mantle oxygen fugacity). For Earth-like Mg/Si (1.20),
this results in a molar mantle Fe/Mg ranging from 0.012
to 0.3. We assume that sufficient oxygen is available to ox-
idize all Mg, Si, and the appropriate amount of Fe. Given
that the stars in the Hypatia catalog have a significantly
higher oxygen abundance than Fe, Mg, and Si abundances,
and that the C/O-ratio is low, oxygen should be sufficiently
abundant to meet this assumption (Bond et al. 2010; Hinkel
et al. 2014; Hinkel & Unterborn 2018). We focus on the bulk
composition of the silicate mantle since the mantle shares
an interface with the atmosphere (the planetary surface).
The composition of the core is not considered, including the
presence of light elements such as Si, since the core only in-
directly affects the evolution of the atmosphere (Foley &
Driscoll 2016).
2.2. Magma ocean crystallization and cumulate overturn
Our starting point is to consider the crystallization of the fi-
nal global, deep, and compositionally homogeneous magma
ocean (MO) above a completely formed metallic core. This
choice is made because deep, global MOs can form late in
the formation process of a terrestrial planet by giant im-
pacts (e.g., Nakajima & Stevenson 2015), and tend to erase
most heterogeneity that may have formed due to the crys-
tallization of previous MOs (Solomatov 2000). For Earth-
sized planets, an MO may crystallize from the bottom–up
(Abe 1997; Solomatov 2000; Elkins-Tanton 2008; Ballmer
et al. 2017b) or middle–out (Labrosse et al. 2007; Stixrude
et al. 2009; Nomura et al. 2011). As melting curves (solidus
and liquidus) for chondritic material (Andrault et al. 2011)
are usually estimated to be steeper than the silicate melt
adiabat (Wolf & Bower 2018), we consider bottom–up crys-
tallization.
We consider the fractional crystallization end-member
scenario, rather than batch crystallization. For fractional
crystallization, crystals form in the MO due to cooling, and
sink to settle at the crystallization front (Solomatov 2015).
This allows distinct compositional evolution (i.e., fraction-
ation) of the MO liquid and forming crystals (e.g. Boukaré
et al. 2015). For batch crystallization, rapid cooling of the
MO prevents crystal settling such that co-existing liquid
and crystals are instead frozen in place, thereby preventing
distinct compositional reservoirs from forming (Solomatov
& Stevenson 1993). Since outgassing of a thick steam at-
mosphere early in the lifetime of an MO has an efficient
blanketing effect that slows down MO freezing, fractional
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crystallization is the more realistic scenario through much
of the cooling sequence (Elkins-Tanton 2008; Lebrun et al.
2013; Solomatov 2015).
Due to fractional crystallization, the liquid MO becomes
progressively enriched in FeO, as solids tend to incorporate
MgO and SiO2 over FeO (Fiquet et al. 2010; Nomura et al.
2011; Andrault et al. 2012; Tateno et al. 2014; Boukaré
et al. 2015; Ballmer et al. 2017b). We simulate this chem-
ical evolution by calculating the composition of the solids
that are in equilibrium with the (purely liquid) MO, and
extracting them from the liquid. We assume that the MO
remains chemically and thermally homogeneous due to vig-
orous and pervasive turbulent convection. Crystal composi-
tion in the lower mantle is determined based on phase data
of the MgO-FeO-SiO2-system (Boukaré et al. 2015), which
considers the lower mantle phases (Mg,Fe)O (ferropericlase,
fp), (Mg,Fe)SiO3 (bridgmanite, bm) and SiO2 (stishovite,
st). The composition of fp and bm is determined using par-
tition coefficients
Kbm =
Febm/Mgbm
Fel/Mgl
and Kfp =
Fefp/Mgfp
Fel/Mgl
, (1)
for molar abundances of Fe and Mg in bm, fp and liquid (l),
respectively. When both compounds exist at equilibrium,
iron is partitioned according to KD = Kbm/Kfp. We set
constant values of Kbm = 0.1 and Kfp = 0.9 (Tange et al.
2009; Boukaré et al. 2015).
We assume that the composition of the upper mantle
(≤25 GPa) cumulates is identical to that of the upper man-
tle MO. This is motivated by the expected occurrence of
small-scale overturns in the upper mantle, which are driven
by unstable stratification. The timescale over which over-
turns occur depends on the viscosity of the solid (Ballmer
et al. 2017b; Maurice et al. 2017; Boukaré et al. 2018),
and lower mantle viscosity is much higher than upper man-
tle viscosity. The resulting difference in timescales lead to
many overturns in the upper mantle before the occurrence
of a final whole-mantle overturn. While the former sustains
efficient mixing across the upper mantle, the latter is not
expected to sustain efficient mixing across the whole mantle
due to its large-scale nature. Overturning instigates decom-
pressional melting and re-melting, thereby homogenizing
the upper mantle material, and thus justifying our assump-
tion that the solid and melt have the same composition in
the upper mantle.
A whole-mantle overturn is promoted by unstable strat-
ification between FeO-rich upper mantle cumulates and
FeO-poor lower mantle materials (Elkins-Tanton 2008).
Such a large-scale overturn leads to the sinking of FeO-
rich material through the mantle to form a compositionally
distinct layer at the base of the mantle (Hess & Parmen-
tier 2001). We model the whole-mantle overturn event by
flipping the compositional profile from the MO crystalliza-
tion upside-down. We then calculate the resulting density
profile using
∆ρcomp = 850 · FeO/(FeO + MgO), (2)
for a density contrast of 850 kg/m3 between Mg- and Fe-
silicate end-members (e.g. Wolf et al. 2015). If ∆ρcomp
exceeds a critical value ∆ρcrit, the layer resists entrain-
ment and mixing by solid-state convection, and stratifica-
tion remains stable for most of the planet’s lifetime (Kellogg
et al. 1999; Tosi et al. 2013; Plesa et al. 2014). Otherwise,
the neighboring layers are mixed to form a homogeneous
layer. We iterate through the layers and check they are
stable considering our stability criterion. In the literature,
the stability criterion is usually given in terms of a buoy-
ancy number, B = ∆ρ/ραTCMB , where ρ = 4000kg m−3,
α = 1.5 · 10−5K−1 and TCMB = 4000K. As a reference
value, we consider ∆ρcrit = 225kg/m3, which corresponds
to B ≈ 0.94 (Kellogg et al. 1999). This is a conservative cri-
terion, compared to other literature values (e.g. Tosi et al.
2013; Li et al. 2014; Ballmer et al. 2017b). We explore the
effect of the value of this parameter on the occurrence of
stable stratification, given our compositional spread, in Sec-
tion 4.1.
2.3. Long-term interior evolution
The structure and mineralogy of the mantle resulting from
MO crystallization and cumulate overturn models provide
the initial conditions for the subsequent long-term evolution
of the interior. We model the long-term thermal evolution
of the mantle using the 1D parameterized convection code
SPIDER (Bower et al. 2018). SPIDER solves the energy
balance in a planetary mantle by using mixing length the-
ory (MLT). The long-term thermal evolution predicted by
MLT models agrees with the predictions of 3-D convection
simulations (Kamata 2018; Wagner et al. 2019). Adopting
the formulation of Kamata (2018), we describe the mixing
length profile using a = 0.75 and b = 0.45 (Eqs. 13–14 &
Fig. 2, Kamata 2018). We neglect the removal of latent heat
by melt formation and extraction.
We use a viscosity law with pressure-dependent acti-
vation volume Va(P ) (Yamazaki & Karato 2001) and a
composition-dependent prefactor ηc,
η(T, P ) = η0ηc exp
(
Ea + Va(P )P
RT
− Ea + Va(P0)P0
RT0
)
,
(3)
where Va(P ) = Va,0 exp(−P/Pscale), for reference viscos-
ity η0 at P0 and T0, and activation energy Ea. The com-
positional term ηc depends solely on the Mg/Si-ratio of
the mantle. It decreases with Mg/Si from ηc = 102 at
Mg/Si=0.5, which corresponds to a st-rich composition (Xu
et al. 2017), to ηc = 1 at Mg/Si = 1.0, and finally to
ηc = 10
−2 for Mg/Si ≥ 1.5, which corresponds to a fp-
rich composition (Ballmer et al. 2017a) (Fig. 2). We imple-
mented a viscosity cut-off for the viscous upper boundary
layer at η = 1027 Pa·s. Other viscosity parameters were
calibrated to ensure the viscosity profile adhered to data-
derived estimates for the viscosity structure of Earth’s man-
tle (e.g., Forte & Mitrovica 1996; Mitrovica & Forte 2004;
Paulson et al. 2005): η0 = 1020.5 Pa·s for T0 = 3500 K
and P0 = 140 GPa, Ea = 175 kJ/mol, Va,0 = 4.0 · 10−6
J/mol/Pa, and Pscale = 200 GPa.
The possible occurrence of stable stratification as con-
strained by our overturn model is imposed in the evolution
model by introducing a mid-mantle interface. This interface
is implemented to separate two convecting domains of dif-
ferent composition, by adjusting the mixing length profile.
The mixing-length profile is rescaled (with the given a and b
parameters) to account for the different thicknesses of each
layer. The mixing length is zero at the mid-mantle interface,
which enforces a thermal boundary layer for the duration of
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Fig. 2. Compositional correction of viscosity, ηc, as a function
of molar mantle Mg/Si.
the evolution (10 Gyr). Importantly, the transport (viscos-
ity) and material (density) properties of each domain are set
independently according to the compositional profile that
results from MO crystallization and cumulate overturn.
The long-term evolution of planetary mantles is influ-
enced by the dynamics of the lithosphere. The two end-
member cooling regimes involve a mobile lithosphere, which
participates directly in mantle convection (plate tectonics,
PT), and an immobile lithosphere that hinders efficient
cooling (stagnant lid, SL). Therefore, we consider a fast-
cooling (PT) and a slow-cooling (SL) end-member. For the
SL-case, we impose an additional viscous lid (two orders of
magnitude more viscous than usual) at the top of the man-
tle. This lid efficiently restricts cooling of the mantle, to
mimic the behavior of a stagnant lid. The thickness of the
lid is 200 km, consistent with estimates for Earth-sized SL
planets (see Reese et al. 1999, and references therein). In
reality, the lid thickness depends on mantle temperatures,
but the dependence is not well constrained. Imposing a con-
stant lid thickness implies that the lid formed relatively
early and with a fairly constant thickness over time. For
the PT-case the viscosity structure is unaltered. This is be-
cause the mixing length theory that we adopt naturally ex-
tends the thermal boundary layer to the surface, effectively
assuming that the full depth of the domain is participating
in convection. The dynamic regime of the lithosphere is im-
posed throughout model evolution. It is not known whether
bulk composition plays a role to stabilize the PT vs. the SL
regime, or to promote transitions between regimes (see Sect.
4.2). Regime changes are predicted by geodynamic simula-
tions, and consistent with the geologic record for Earth and
Venus (e.g. Sleep 2000; Armann & Tackley 2012; Korenaga
2013). Here we take the simplified approach to consider end-
member scenarios, assuming that a planet remains locked
in either the PT or the SL regime.
The surface temperature is set to 273 K, while the core-
mantle boundary temperature (initially 4200 K) evolves ac-
cording to a core cooling model; the core has a thermal en-
ergy budget that decreases as heat is removed by convection
in the overlying mantle. The model also includes radiogenic
heating of the mantle by long-lived isotopes which decay
over time (40K, 232Th, 235U and 238U), at Earth-like initial
concentrations (Ruedas 2017). A constant conductivity of
4 W/m/K is included in the models, which has a negligi-
ble effect on heat transport compared to convection (Bower
et al. 2018).
2.4. Melting, outgassing, and ingassing
We model volatile evolution of the interior and secondary
atmosphere with a box model, where volatile exchange be-
tween reservoirs consists of outgassing (transport from the
interior to the atmosphere) and ingassing (transport from
the atmosphere to the interior). We consider three volatile
reservoirs in our model: the mantle, atmosphere and litho-
sphere. For the SL regime, we also refer to the lithosphere
reservoir as the lid reservoir. We focus exclusively on water
since it partitions similarly to most other volatiles (exclud-
ing carbon1), and it has a pronounced influence on melt
generation by depressing the melting curve (solidus). We
include three Earth ocean masses of water (Bercovici &
Karato 2003; Houser 2016), initially distributed between
the atmosphere (1 Earth ocean mass) and interior (2 Earth
ocean masses).
Outgassing is driven by volcanism, which in turn is
driven by melt generation in the interior. Outgassing rates
are determined by calculating melt formation and melt
volatile content. Following Katz et al. (2003), the local melt
fraction φ at each depth (pressure) is calculated as a func-
tion of temperature T ,
φ(P, T ) =
(
T − Tsol(P )
Tliq(P )− Tsol(P )
)1.5
, (4)
with solidus and liquidus profiles Tsol(P ) and Tliq(P ) taken
from Andrault et al. (2011). Because these profiles are con-
structed for chondritic composition, we apply a correction
to the solidus profile as a function of iron content (Dorn
et al. 2018b), since iron depresses the solidus temperature.
We do not correct for composition in terms of Mg/Si, as
the effect is much smaller for the compositional range of
interest (de Koker et al. 2013; Boukaré et al. 2015). For
example, comparison of melting experiments for chondritic
(Mg/Si=1.05) and peridotitic (Mg/Si=1.26) compositions
reveals that there is a negligible effect of Mg/Si on the
solidus in this compositional range at pressures <5 GPa
(Andrault et al. 2018).
Melt generation usually occurs at the top of hot plumes
(i.e., upwellings in the mantle), and at locations where the
crust is very thin and mantle material approaches the sur-
face, allowing decompression melting to occur. In order to
address lateral thermal variations in the mantle in our 1D
model, we consider a Gaussian distribution with a standard
deviation of 125 K that is centered on the 1D temperature
profile. This value of 125 K corresponds to half the esti-
mated excess temperature in plumes (Schilling 1991). Bulk
melt fraction as a function of depth is obtained by integrat-
ing Eq. 4 with the Gaussian temperature distribution. The
total melt fraction is determined each time step, and trans-
ports volatiles (i.e. water) from the interior to the surface
where they are outgassed.
We describe the water content in the melt with equilib-
rium partitioning between solid and liquid, because water
behaves like an incompatible element and thus preferen-
tially partitions into the melt:
Xw =
Xw,bulk
D + φ(1−D) , (5)
for the molar water concentration in the melt phase (Xw),
molar water concentration in the bulk material (Xw,bulk),
and partition coefficient D (Zou 1998; Katz et al. 2003),
1 Carbon is stored as graphite/diamond or as metallic carbides
under reducing conditions, and these phases are not incompati-
ble. However, carbon stored in fluids or as carbonates is incom-
patible (Dasgupta & Hirschmann 2010).
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whereD = 0.01 for water (Aubaud et al. 2004). The melting
behavior of mantle material depends on the concentration
of water in the melt (Katz et al. 2003), since the presence
of water depresses the solidus. Therefore, the melt fraction
and water concentration in the melt are mutually depen-
dent. In order to compute melt volume, this non-linearity
requires that we iteratively solve equations 4 and 5, with
the solidus depression by water given by Katz et al. (2003),
until equilibrium is reached. The solidus depression by wa-
ter we use here is parametrized for peridotitic composition,
since no parametrization exists for other compositions.
The outgassing rate is calculated by determining the
melt volume and water concentration, and multiplying with
the extrusion efficiency. Transfer of volatiles from the inte-
rior to the atmosphere is only possible when melt extrudes
(i.e., reaches the surface and is not trapped in the litho-
sphere). In the SL regime, volatiles trapped within intru-
sive magmas are stored in the lid reservoir. Planets in the
SL regime have lower melt extrusion rates due to the large
thickness of the lithosphere, compared to the PT regime.
We assume an intrusive-to-extrusive ratio of 9:1 for plan-
ets in the SL regime (Crisp 1984), based on observations of
Earth. Additionally, we assume that all melt, wherever it is
generated in the mantle, is transported to the near-surface
and can source either intrusive or extrusive magmatism. We
assume that outgassing of the lithosphere reservoir, which
requires melting of crustal material, does not occur.
On planets in the SL regime, ingassing can occur by
lithospheric delamination, where blobs of crustal material
sink into the mantle from the base of the stagnant lid, trans-
porting volatiles from the lid to the mantle reservoir. For lid
thickness to remain constant over time, delamination flux
must be balanced by mantle melt production. Delaminat-
ing material originates from the bottom of the lid, where
the material is hot because of the vicinity of the hot upper
mantle. Therefore, hydrous minerals are not stable (Frost
2006; Iwamori 2007), such that water is exclusively trans-
ported by nominally anhydrous minerals. In our model, de-
laminating material has the same concentration of water
as the lid, with a maximum concentration of 400 ppmwt
(Ferot & Bolfan-Casanova 2012) to account for the maxi-
mum capacity of nominally anhydrous minerals. In contrast
to ingassing from the lid reservoir, volatile transport from
the atmosphere to the mantle is inefficient for planets with
an immobile and sufficiently thick lid (Foley & Smye 2018).
The atmospheric ingassing rate in the SL-case is therefore
set to zero.
In the PT regime, we combine the lithosphere and atmo-
sphere reservoirs when calculating the ingassing rate. This
inherently sets the extrusion efficiency to unity, and allows
us to model mantle ingassing by subduction as direct trans-
port of volatiles from the atmosphere to the mantle reser-
voir. We merge these reservoirs because ingassed volatiles
originate from both the lithosphere and atmosphere reser-
voirs. These reservoirs interact by hydrothermal alterations
in the oceanic crust, which transports volatiles from the at-
mosphere to lithosphere reservoir (Wolery & Sleep 1976).
Ocean-lithosphere fluxes are not well constrained and de-
pend on local chemistry, and are therefore not included. Our
chosen Earth-like surface temperature of 273 K promotes
the stabilization of liquid oceans and submerged oceanic
plates, thereby allowing metamorphic processes to incorpo-
rate water into the lithosphere (as on Earth).
During subduction, only water that is released beyond
a certain depth reaches the mantle, while water released at
shallower depths causes arc volcanism and directly returns
to the atmosphere reservoir. Water retention, and therefore
ingassing rate, depends on the stability of hydrous miner-
als, which is affected by composition and mantle tempera-
ture. However, hydrous phase stability mainly depends on
composition in terms of elements that we do not consider
here (Frost 2006; Iwamori 2007). Additionally, the complex
feedback mechanisms between mantle temperature, melt-
ing, and tectonics would require high-resolution 2D or even
3D models (Rolf & Tackley 2011; Lourenço et al. 2016).
Therefore, in light of the nature of our models, which are
designed to investigate first-order effects only, we assume a
constant PT ingassing rate. We assume an ingassing rate of
2 · 1011 kg/yr for water. This is the estimated water trans-
port rate by subducting slabs beyond a depth of 250 km for
Earth (van Keken et al. 2011).
3. Results
To address the long-term evolution of terrestrial planets,
we explore a coupled interior-atmosphere evolution model
as a function of bulk planetary composition i.e. MgO-FeO-
SiO2 (Fig. 1). Our modeled planets have the same mass,
radius, and core size as Earth. The initial condition of the
mantle is calculated from a simplified MO crystallization
model (Sec. 3.1). Then, a long-term evolution model deter-
mines the thermal structure of the interior, and a volatile
exchange model determines how water migrates between
the interior and atmosphere (Sec. 3.2).
3.1. Magma ocean crystallization and cumulate overturn
We model bottom-up crystallization of an MO for bulk sil-
icate compositions ranging from Mg/Si=0.5 to Mg/Si=2.0,
and for 1, 8, and 20 wt% FeO. The predicted compositional
profile of solid material that is crystallized from the MO
depends mainly on the bulk Mg/Si-ratio. FeO content only
marginally affects the mineralogy of the crystallizing solid.
Bridgmanite (bm, (Mg,Fe)SiO3) is the main mineral to
crystallize in the lower mantle for a wide range of bulk com-
positions. In turn, stishovite (st, SiO2) only appears for low
Mg/Si-ratios (Fig. 3a) and ferropericlase (fp, (Mg,Fe)O)
only for high Mg/Si-ratios (Fig. 3c,d). The compositional
profile in the upper mantle (less than 25 GPa) is assumed
to be homogeneous according to our assumption that small-
scale overturns continuously homogenize the newly formed
solid (Sect. 2.2). The composition of the pre-overturn upper
mantle strongly depends on the minerals that are removed
from the MO during fractional crystallization of the lower
mantle (and how much FeO they incorporate), in addition
to bulk composition.
In all cases, this upper part of the initial mantle is the
most FeO-enriched part (Figure 4a), because iron prefer-
entially partitions into the melt and the MO crystallizes
in a bottom-up manner. Bulk Mg/Si is the main control
on the degree of FeO enrichment of the upper mantle ma-
terial, as it determines whether the lower mantle consists
mainly of minerals with a high iron partition coefficient
(fp) or a low iron partition coefficient (bm, st). Thus, the
iron content in the upper mantle (Fig. 4a), and the related
density contrast across the mantle (Fig. 4b), increases with
decreasing bulk Mg/Si. In terms of Mg and Si, partitioning
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Fig. 3. Composition of the crystallizing phase during magma
ocean crystallization, in terms of minerals Mg/Fe-bridgmanite,
Mg/Fe-ferropericlase, and stishovite, as a function of pressure
(GPa). The depth of the mantle extends from the surface (0
GPa), to the core-mantle boundary (138 GPa, 2891 km). Cu-
mulates are re-homogenized at pressures of 0-25 GPa (indicated
by a black line), and therefore display constant composition (see
Sect. 2.2). Compositions are 8 wt% FeO (Earth-like), and Mg/Si
is annotated.
coefficients are close to unity for mantle minerals consid-
ered here, and hence the compositional profile in terms of
Si/(Mg+Si) is rather constant across most of the mantle
(Fig. 4a). For Earth-like mantle compositions (8 wt% FeO,
molar Mg/Si=1.2, McDonough & Sun (1995)), we predict
a lower-mantle mineralogy that is dominated by bridgman-
ite and complemented by a minor amount of ferropericlase
(Fig. 3). This prediction is matched by our current knowl-
edge of the lower mantle mineralogy of Earth (Kesson et al.
1998).
All predicted profiles after MO crystallization are grav-
itationally unstable, and hence drive a mantle-scale over-
turn. This result is demonstrated in Figure 4b, and corrobo-
rated by the expected unstable thermal stratification, which
results from fractional crystallization of the MO (Boukaré
et al. 2018). After overturn, the propensity of the inverted
density profile to whole-mantle convection or stable strati-
fication depends on the total density contrast relative to a
critical density difference, which we assume as 225 kg m−3
(but cf. Sect. 4.1).
Around 50% of planets with compositions from the Hy-
patia catalog are predicted to result in rocky planets with
stable stratification and hence persistent double-layered
convection. We find that no large-scale stable stratification
is formed for a planet with Earth-like composition (Fig. 5),
which is consistent with seismic constraints (e.g., Helffrich
& Wood 2001). Low bulk Mg/Si promotes iron enrichment
in the upper mantle, and thereby stable stratification of
the mantle for billions of years. High bulk FeO contents
also promote stable stratification.
Fig. 4. Predicted (a+b) compositional and (c) density profiles of
the initial solid mantle (i.e., after MO crystallization and prior to
overturn), for bulk planet compositions of 8 wt% FeO and man-
tle molar Mg/Si ranging from 0.5 to 2.0. Compositional profiles
are reported as molar ratios of Fe/(Mg+Fe) (a) and Si/(Mg+Si)
(b). The density difference is between the crystallized solid, and
pyrolite (i.e. Mg# = 0.88; see Eq. 2). Crystallization proceeds
from the bottom–up.
Fig. 5. Predicted stratification of the mantle after overturn as
a function of bulk mantle composition in terms of molar MgO,
FeO, and SiO2, assuming ∆ρcrit = 225 kg m−3. Blue and red
dots denote cases with density differences across the mantle
smaller than and larger than ∆ρcrit (i.e., with a well-mixed and
stably stratified mantle), respectively. Composition is shown for
a range of bulk mantle Mg/Si from 0.05 to 20, and FeO from 1
wt% to 20 wt%. The 1σ and 2σ ranges of Mg/Si-ratios from the
Hypatia catalog are shown as vertical dashed and dot-dashed
lines, respectively. The yellow diamond shows Earth’s mantle
composition (McDonough 2003).
3.2. Long-term evolution of interior and atmosphere
We investigate the long-term coupled evolution of the inte-
rior and atmosphere for a wide range of bulk compositions
in the plate-tectonics (PT) and stagnant-lid (SL) dynamic
regimes. As a reference case, we consider a terrestrial planet
in the PT regime with a bulk mantle composition of (mo-
lar) Mg/Si = 1.2 and with 8 wt% FeO (Fig. 6), which cor-
responds approximately to that of the Earth (Wang et al.
2018). In this case, average interior temperatures decrease
for most of the planet’s life (Fig. 6a), mostly remaining be-
low the solidus (except in the uppermost part at pressures
<5 GPa). Mantle viscosity increases with time as tempera-
ture decreases (Fig. 6b). Our thermal evolution model can
roughly reproduce estimates for the current thermal profile
of the Earth’s mantle (Fig. 6), except near the core-mantle
boundary, where even these estimates remain uncertain.
Article number, page 7 of 14
A&A proofs: manuscript no. Thesis_paper
Fig. 6. Evolution of (a) mantle temperature and (b) viscosity for a terrestrial planet with Earth-like composition (Mg/Si=1.2,
8 wt% FeO) as a function of pressure (GPa), ranging from the surface (0 GPa) to the core-mantle boundary (138 GPa, 2891
km). In panel (a), the solidus and liquidus from Andrault et al. (2011) are shown as thin black lines that bound a grey area; the
temperature profile of the modern Earth is shown as a thick black line (Stacey & Davis 2008).
Since our viscosity profiles have been calibrated based on
our current understanding of Earth mantle viscosity struc-
ture, there is naturally a good match with estimates from
geoid inversions (e.g., (Forte & Mitrovica 1996)). We did
not consider viscosity jumps near phase transitions, how-
ever.
Next, we compare the reference case with an SL-case for
the same bulk composition (Fig. 7). We find that a planet
in the SL-case cools systematically slower than in the PT-
case, displaying a higher average mantle temperature at
any given age (time). This delayed cooling is explained by
the presence of a viscous lid in the uppermost 200 km of
the interior, which slows down cooling of the interior (Fig.
7a). Accordingly, the SL-case reaches temperatures similar
to Earth’s present-day (i.e., 4.5 Gyr) thermal profile only
after ∼10 Gyr.
3.2.1. Influence of bulk mantle composition
We find that the thermal evolution of the interior is strongly
affected by the bulk Mg/Si-ratio of the planet. Planets with
high Mg/Si-ratios tend to cool faster than planets with low
Mg/Si-ratios (Fig. 8a). This is explained by the higher vis-
cosity of low Mg/Si-cases, which slows down heat trans-
port through the mantle and to the surface. Furthermore,
planets with low Mg/Si-ratios display slightly steeper tem-
perature profiles than planets with high Mg/Si. Planetary
materials with Mg/Si < 0.5 and Mg/Si > 1.5 have a viscos-
ity differing by up to four orders of magnitude for a given
convecting temperature profile, but the slower cooling of
planets with low Mg/Si effectively reduces this viscosity
variation (Fig. 8b).
Mantle layering also has a strong influence on planetary
interior evolution, and as mentioned above, the propensity
to mantle layering itself is a function of bulk composition,
including Mg/Si. For identical compositions and dynamic
regimes, planets with layered mantles display much hot-
ter lower mantles than planets without stratification, and
slightly cooler upper layers (Fig. 8c). Mantle viscosities mir-
ror this trend, with the lower mantles having a viscosity of
about 1.5 orders of magnitude lower than for planets with-
out stable layering (Fig. 8d). This prediction is because the
thermal boundary layer at the compositional boundary re-
stricts the cooling rate of the lowermost mantle. As shown
in Section 3.1, the two layers typically have distinct Mg/Si-
ratios, with the upper layer generally having a higher Mg/Si
than the lower layer. However, the Mg/Si-contrast between
layers is small, and the associated change in viscosity has
a very limited effect on the long-term interior evolution.
Finally, within the regime of stable mantle stratification,
there is little to no difference between cases with 8 and 20
wt% FeO in terms of long-term thermal evolution, demon-
strating again that Mg/Si is the stronger control on the
evolution of planetary mantles.
3.2.2. Volatile fluxes
Based on the temperature profiles predicted by our thermal
evolution model, we compute the fluxes of water between
the secondary atmosphere, mantle, and lid reservoirs for a
bulk planet water content of three Earth ocean masses (Fig.
9). Planets in the PT regime are characterized by efficient
outgassing in the first Gyr, which brings more than 95%
of the planets water budget into the atmosphere, indepen-
dent of composition. After about 1 Gyr, net ingassing of
the mantle becomes dominant for planets with high Mg/Si.
In contrast, planets with low Mg/Si display net outgassing
for their entire lifetime. This prediction is well explained by
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Fig. 7. Evolution of the mantle temperature (a) and viscosity (b) for a planet with Earth-like composition (Mg/Si=1.2, 8 wt%
FeO) in the PT- and SL-cases as a function of pressure (GPa), ranging from the surface (0 GPa) to the core-mantle boundary
(138 GPa, 2891 km). Profiles are shown for the initial condition (t=0 Gyr), current age of the Earth (t=4.55 Gyr) and for the
estimated lifetime of the Sun (t=10.0 Gyr). Independently estimated profiles for the present-day Earth are shown as black lines
(Stacey & Davis 2008).
the higher average temperature of planets with low Mg/Si
(Fig. 8), leading to greater melt production over the lifetime
of the planet. In terms of Earth’s volatile reservoirs, while
we do not accurately reproduce common estimates for the
mantle reservoir (e.g. 3-6 Earth Ocean masses, Bercovici &
Karato (2003)), the water inventory of Earth’s mantle re-
mains a matter of debate. Interpretations will be discussed
in Section 4.3.
In the SL regime, planetary volatile reservoirs and fluxes
follow a different evolutionary path than in the PT regime.
SL-cases also start with a phase of strong net outgassing,
but outgassing is slower than for the PT regime, and we
recall that no ingassing from the atmosphere to the man-
tle can occur in this regime. Outgassing continues for at
least 4 Gyr, with low-Mg/Si cases experiencing continued
outgassing up to 8 Gyr. The volatile reservoirs approach
a steady state, in which most volatiles reside in the atmo-
sphere. The mantle is stripped of virtually all its volatiles
for low Mg/Si-cases, while for high Mg/Si cases, it retains
a small but steadily decreasing amount of volatiles. The lid
reservoir does not contain more than a few percent of the
bulk volatile budget because of high delamination fluxes as
long as outgassing is efficient.
4. Discussion
4.1. Stable stratification
We find planetary interiors with and without stable mantle
stratification for the range of planetary bulk compositions
constrained by the Hypatia catalog (Fig. 5). This result
implies that around half of Earth-like exoplanets may have
a stratified mantle with important implications for their
long-term evolution. Furthermore, for planets with strat-
ified mantles, the upper mantle composition is different
from that of the bulk mantle; hence, the bulk mantle com-
position is no longer representative of the composition of
the volatile-carrying reservoir. Since mineralogy affects the
melting behavior of the mantle, stratification thus affects
the evolution of volatile reservoirs. Stable mantle stratifi-
cation is more likely for planets with a low bulk Mg/Si-
ratio, and with high mantle iron content. Additionally, sta-
ble stratification is more likely to develop for planets with
high internal oxygen fugacity and therefore small core size.
Thus, the presence or absence of mantle layering can help
constrain core size.
Depending on the intrinsic density and viscosity con-
trast between the two compositionally distinct layers, the
boundary between them can develop significant topogra-
phy due to convective stresses (Kellogg et al. 1999). Like-
wise, entrainment of material from one layer by convection
in the other layer may occur, thereby diluting the density
contrast that is maintaining the stratification. However, for
high initial density contrasts, the entrainment rate is suf-
ficiently low, and stable stratification persists throughout
the lifetime of a mature planet (Sleep 1988; Kellogg et al.
1999; Zhong & Hager 2003).
The thermal structure of a stratified mantle is markedly
different to a mantle that is convecting as a whole. The
boundary between the two layers restricts the cooling of the
lower layer because heat is only allowed to conduct across
the interface, and this is relatively inefficient compared to
advection (McNamara & van Keken 2000). The large tem-
perature difference between the two layers is expected to be
enhanced by the preferential partitioning of heat-producing
elements into the lower layer (Kellogg et al. 1999; McNa-
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Fig. 8. Temperature (left column of panels) and viscosity (right column of panels) profiles at t = 4.55 Gyr for planets with
variable bulk-mantle Mg/Si and FeO content as annotated, as a function of pressure (GPa), ranging from the surface (0 GPa) to
the core-mantle boundary (138 GPa, 2891 km). In the top row of panels, FeO content is 1 wt%. In the bottom row of panels,
Mg/Si = 0.8. Profiles are shown for t = 4.55 Gyr. PT- and SL-cases are shown as solid and dashed lines, respectively. The cases
shown in the bottom row with 8 and 20 wt% FeO display stably stratified mantles.
mara & van Keken 2000), as these elements are generally
incompatible (Knittle 1998; Blundy & Wood 2003).
The range of bulk mantle compositions that can lead
to stable stratification depends on the style of crystalliza-
tion, the iron partitioning coefficient KD, and the critical
density contrast for stable stratification ∆ρcrit. If we re-
lax our assumption of homogeneity in the upper mantle
cumulates, then a smaller volume of more iron-enriched cu-
mulates would form, which would lead to mantle stratifi-
cation in virtually all compositional cases. This would also
be the case for Earth’s composition, which is inconsistent
with seismic evidence showing that we have no such global
and thick FeO-rich layer (Helffrich & Wood 2001). This
can either be explained by melting of the FeO-rich cumu-
lates while they sink through the mantle (Ballmer et al.
2017b), or by a lesser iron enrichment due to chemical re-
equilibration of upper mantle cumulates, as we assume here.
In our models, we consider a conservative estimate for
∆ρcrit, and a lower bound forKD. Other authors find stable
stratification for values of ∆ρcrit as low as 100-150 kg/m3
(Tosi et al. 2013; Li et al. 2014). Meanwhile, considering the
role of pressure increases KD to 0.3–0.4 at shallow lower
mantle pressures (30-50 GPa; Nakajima et al. (2012); Muir
& Brodholt (2016)), thereby decreasing iron enrichment in
the cumulates. Figure 9 shows the range of mantle stratifi-
cation behavior when considering end-members in terms of
KD and ∆ρcrit. One end-member considers a low KD and
low ∆ρcrit, promoting iron enrichment in the liquid and re-
lated layering, and the other end-member considers a high
KD and high ∆ρcrit, reducing the iron enrichment of the
liquid. Exploring these end-members reveals a wide range of
exoplanet compositions, where the propensity to stratifica-
tion is uncertain. However, in the limit of our assumptions,
even the conservative end-member predicts mantle layering
for a non-negligible subset of exoplanets within the compo-
sitional range from the Hypatia catalogue.
4.2. Dynamic regime
The dynamic regime affects the long-term evolution of the
coupled interior–atmosphere system. The average mantle
temperatures for stagnant lid planets are always higher
than for tectonically active planets at a given age, regard-
less of composition or presence of stable stratification. The
thickness and stability of the lid critically reduces the cool-
ing efficiency of the planet, leading to a hotter interior (e.g.
Reese et al. 1998). However, in stagnant-lid planets, (la-
tent) heat may also efficiently be removed by melting and
related extrusive volcanism (O’Reilly & Davies 1981; Keller
& Tackley 2009; Ogawa & Yanagisawa 2011; Nakagawa &
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Fig. 9. Evolution of volatile reservoirs (mantle - dashed line, atmosphere - solid line, lid - dotted line) of a planet in the plate
tectonics (left) and stagnant lid (right) regime, with Earth-like bulk mantle iron (8 wt% FeO), as a function of model time (Gyr).
Total water mass MH2O,total is equal to three Earth ocean masses. Note that the lid reservoir occurs only in the SL regime, being
fed by intrusions. In the PT regime, the lid reservoir is counted towards the atmosphere reservoir, and eventually becomes part of
the ingassing term (see Methods).
Fig. 10. Overview of stable stratification of the mantle as a
function of composition for a case with KD = 0.35 and ∆ρcrit =
225 kg m−3, and a case stimulating layering, with KD = 0.1 and
∆ρcrit = 150 kg m−3. Red dots indicate stable stratification in
both cases, blue dots in neither case, and green dots only in
the latter case. Composition is shown in terms of molar FeO,
MgO and SiO2 abundances, for a range of Mg/Si from 0.05 to
20, and FeO from 1 wt% to 20 wt%. The 1σ and 2σ ranges
of Mg/Si-ratios from the Hypatia catalog are shown as vertical
dashed and dot-dashed lines, respectively. The composition of
the Earth mantle from McDonough (2003) is shown as a yellow
diamond.
Tackley 2012; Armann & Tackley 2012; Moore & Webb
2013; Foley & Smye 2018). This would cool the interior
more efficiently than modeled here, reducing the temper-
ature difference between stagnant-lid planets and tectoni-
cally active planets. However, average mantle temperatures
are still expected to be several hundreds of Kelvin higher
for SL than for PT planets (Foley & Smye 2018).
The dynamic regime also has a first-order effect on the
evolution of volatile reservoirs, since it controls the volatile
fluxes (i.e., outgassing and ingassing of the mantle). Plan-
ets in the stagnant lid regime are assumed to have a high
intrusion-to-extrusion ratio (Crisp 1984), which delays at-
mospheric build-up compared to plate tectonics. Recycling
of lithospheric material into the mantle by delamination al-
lows for significant transport of volatiles from this intruded
reservoir in the lithosphere back to the mantle. However,
the lack of a transport mechanism from the atmosphere to
the interior allows the atmospheric reservoir to grow un-
til melting in the interior, and therefore outgassing, ceases.
Thus, all SL-cases reach a steady state where most volatiles
are stored in the atmosphere, with final interior volatile
budget depending on the mantle Mg/Si-ratio. In contrast,
both ingassing and outgassing are efficient for planets in the
plate tectonics regime, and a quasi-equilibrium is reached
over timescales of 1–2 Gyr, and controlled by mantle tem-
perature. In turn, mantle thermal evolution is controlled by
interior viscosity, which mostly depends on bulk Mg/Si.
While we explore all parameter combinations for both
dynamic regimes, the regime itself may actually depend on
planetary interior parameters, including bulk composition.
Parameters that can influence the propensity of plate tec-
tonics are mantle temperature (van Heck & Tackley 2011;
Noack & Breuer 2014; Weller et al. 2015), rock hydration
(Korenaga 2010), planet size (Valencia & O’Connell 2009;
Korenaga 2010; van Heck & Tackley 2011), and the effects of
complex rheologies and depth-dependent parameters (Tack-
ley et al. 2013). Furthermore, the dynamic regime depends
on mantle viscosity (Korenaga 2010; van Heck 2011), which
is strongly affected by bulk composition. Plate tectonics
may be prevented by an overabundance of FeO or alkalis
(Na and K) in the mantle (Stamenković & Seager 2016;
Unterborn et al. 2017), or of a globally thick water layer at
the surface, which would suppress decompressional man-
tle melting and prevent outgassing (Kite et al. 2009; Un-
terborn et al. 2018). Lastly, the tectonic regime may also
be affected by surface temperature (Lenardic et al. 2008;
Landuyt & Bercovici 2009; Noack et al. 2012; Gillmann
& Tackley 2014), which is directly linked to atmospheric
size and composition (and thereby perhaps interior compo-
sition). Thus, there may be a limited range of bulk planet
compositions which can lead to long-lived plate tectonics.
These ranges need to be better quantified in the future in
order to link any upcoming characterizations of exoplane-
tary atmospheres with the dominant dynamic regime (PT
or SL) and mantle composition (Fig. 9).
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4.3. Volatile budget
Terrestrial planets can have a wide range of bulk volatile
budgets (Raymond et al. 2004), ranging from virtually
volatile-depleted planets to planets that contain enough wa-
ter to form a thick ice layer on top of a rocky mantle (Un-
terborn et al. 2018). The volatile budget mainly depends
on the distance of the planet from the star, stellar surface
temperature, and dynamical history of the planetary sys-
tem (Raymond et al. 2004). Both bulk volatile budget and
the distribution of volatiles between the surface and the in-
terior are poorly constrained for Earth and other terrestrial
planets. Magma ocean models predict that 70-90% of the
volatile budget outgasses to form a primary atmosphere,
depending on the bulk volatile budget (Elkins-Tanton &
Seager 2008). Meanwhile, Earth currently has most of its
volatiles in the interior, with one Earth ocean mass on the
surface, and between one ocean mass (e.g. Houser 2016;
Matsuno et al. 2017) to six ocean masses (Bercovici &
Karato 2003; Ohtani et al. 2004; Pearson et al. 2014) in
the mantle. Dynamic melt trapping has been proposed as
a way to retain melt in the mantle during magma ocean
crystallization, since it could retain up to 77% of the bulk
water and up to 12% of the bulk CO2 in the bulk mantle
(Hier-Majumder & Hirschmann 2017). Here, we find a more
volatile-depleted mantle, since our modeled mantle is ineffi-
cient at retaining water, which could be because we do not
treat the mantle transition zone as a water filter (Bercovici
& Karato 2003).
Our models predict robust differences between plan-
ets in the PT and SL regimes: planetary mantles in the
SL regime lose essentially all their volatiles within 4 Gyr
through progressive outgassing to the atmosphere. In con-
trast, planetary mantles in the PT regime, more-or-less
reach a balance between outgassing and ingassing after ∼3
Gyr (Fig. 9) with a significant interior reservoir of volatiles,
although initial outgassing is much more efficient than in
the SL regime. The regime leaves a characteristic atmo-
spheric signal that may be observable (Foley & Driscoll
2016; Tosi et al. 2017) in the early life (up to 3 Gyr), and
in the later life (5 Gyr onwards) of a planet. Similarly, our
results indicate an atmospheric signal that is sensitive to
bulk Mg/Si, where secondary atmosphere masses are con-
sistently larger for planets with low Mg/Si. However, our
interior and volatile models are not tightly coupled, even
though volatile exchange and interior evolution affect each
other. Water changes rheological properties of the mantle,
which causes feedback loops between volatile exchange and
evolution of interior temperature (Crowley et al. 2011; Nak-
agawa et al. 2015; Nakagawa & Iwamori 2017). This cou-
pling may enhance the effects of interior composition on at-
mospheric evolution. Future research is needed to explore
any related trade-offs, and better quantify the dependency
of atmospheric evolution on bulk composition.
While our treatment of outgassing follows robust meth-
ods, treatments of ingassing vary throughout the literature.
Ingassing in the SL regime is often ignored (e.g. Noack et al.
2014; Tosi et al. 2017) or based on delamination ((Foley &
Smye 2018), this study). For planets in the PT regime, our
models are simplified in that ingassing rates do not depend
on Mg/Si or temperature (cf. Noack et al. (2014)). The net
ingassing rate may increase with decreasing mantle tem-
perature because of hydrous phase stability (Frost 2006;
Iwamori 2007), but this would only enhance the differences
between low- and high-Mg/Si planets in our results.
We also run an extended set of models for a large
range of bulk-volatile budgets, and confirm that they pre-
dict a similar evolutionary trend as the models presented
in Figure 9. Thus, any predicted differences in atmospheric
size based on interior properties trade off with bulk planet
volatile budget. Another ambiguity is provided by both PT
and SL resulting in similar secondary atmosphere reservoir
sizes between 3 and 5 Gyr. However, the regimes have dis-
tinct and characteristic evolutionary paths, with the PT
regime characterized by very strong initial outgassing fol-
lowed by a quasi-balance where ingassing dominates over
outgassing for most compositions, and the SL regime char-
acterized by slow but persistent outgassing. This distinction
in evolutionary pathway may help to distinguish between
the regimes as additional volatiles with different outgassing
behavior are considered. In this study, we consider water as
the sole (and “representative”) volatile in our modeling, but
other studies also consider CO2 since it is a major green-
house gas (e.g., Sleep & Zahnle 2001; Franck et al. 2002;
Lebrun et al. 2013; Tosi et al. 2017; Dorn et al. 2018b; Foley
& Smye 2018). Including the whole range of carbon volatile
species (such as CO2 and methane) in coupled interior–
atmosphere models should provide additional testable con-
straints, since their behavior is strongly dependent on the
oxygen fugacity of the mantle (Mysen et al. 2011). Further-
more, the presence of carbon volatile species can suppress
the mantle solidus, but in a very distinct way compared
to water (Wyllie & Huang 1976; Dasgupta & Hirschmann
2010). Their outgassing and ingassing behavior is also dif-
ferent from that of water (Dasgupta et al. 2013; Tosi et al.
2017), which likely results in different evolutionary tracks
for water and carbon species in the atmosphere, provid-
ing complementary information about the interior. Several
other volatiles species may be also important outgassing
products that carry complementary information about the
interior, such as those of sulfur and nitrogen (Gaillard &
Scaillet 2014; Laneuville et al. 2018).
5. Conclusions
Atmospheric characterization of terrestrial exoplanets
would provide indirect constraints on the interior of the
planet as a function of its bulk composition. Bulk planet
composition is controlled by stellar composition, and af-
fects atmospheric evolution by changing the balance be-
tween interior outgassing and ingassing during long-term
evolution. We have developed a framework for understand-
ing the key controls of bulk composition on the coupled
interior-atmosphere evolution from the magma ocean stage
through to the long-term cycling of volatiles, for a planet
of Earth-like mass, radius, and core size. We explore the
effects of varying exoplanet compositions in terms of ma-
jor rock forming compounds (i.e., MgO-FeO-SiO2 system)
on the structure and evolution of the planetary interior,
and the exchange of water between the interior and the
atmosphere. Our results demonstrate that the bulk plane-
tary composition affects interior evolution and produces a
diversity of atmosphere sizes. Future spectroscopic analy-
ses of exoplanetary atmospheres may be able to constrain
bulk planet composition, especially when considering more
volatile species. The main systematic effects of bulk com-
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position on coupled interior-atmosphere evolution, as found
with our model, are:
– Depending on the host star abundance, we find that
around half of terrestrial exoplanets have composition-
ally stratified mantles with double-layered convection,
unlike Earth. Increasing bulk Fe/Mg and decreasing
Mg/Si increases the propensity of forming stably strat-
ified mantles.
– Stable mantle stratification reduces the cooling rate of
the interior and thereby increases lower-mantle temper-
ature, but does not influence the size of the atmospheric
reservoir as strongly as the difference between the plate
tectonics and stagnant lid regimes.
– Planets in the stagnant lid regime tend to have hot-
ter interiors, and more massive atmospheres later in
the planet’s life. Meanwhile, planets in the plate tecton-
ics regime have more efficient outgassing, and therefore
form more massive atmospheres early in a planet’s life.
The difference between the plate tectonics and stagnant
lid regimes has a first-order effect on atmospheric mass
(and likely on volatile speciation) for the majority of a
planet’s lifetime, and is potentially observable.
– The bulk Mg/Si-ratio is the main compositional con-
trol on mantle viscosity, where viscosity increases with
decreasing Mg/Si. Therefore, planets with high bulk
Mg/Si-ratios cool faster than planets with low Mg/Si-
ratios.
– Directly related to its effects on mantle viscosity, bulk
Mg/Si has a second-order effect on mantle outgassing
(with low Mg/Si promoting outgassing). Mg/Si thus
controls the competition between outgassing and in-
gassing (and hence atmospheric mass) for planets in the
plate tectonics regime. In terms of planets in the stag-
nant lid regime, Mg/Si controls the fraction of volatiles
that outgasses to the atmosphere, and that remains in
the mantle. The lid reservoir is small regardless of com-
position.
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